Determining eustatic sea level during the Mid-Pliocene warm period (∼3.3 to 2.9 Ma) has been a central but elusive goal in the study of past warm climates. Estimates of eustatic sea level based on geologic data span a broad range; variation that we now recognize is due in part to geographically varying post-depositional displacement caused by glacial isostatic adjustment and dynamic topography. In this study, we combine field observations and glacial isostatic adjustment modeling to estimate the dynamic topography signal in three areas that are important to paleo-sea level studies of the Mid-Pliocene warm period (South Africa, West Australia and southeastern United States). We show that dynamic topography played a significant role in the post-depositional displacement of Pliocene, and even younger Pleistocene, shorelines. In this regard, we provide a robust paleo-sea level elevation data set, corrected for glacial isostatic adjustment, that can be used to evaluate predictions from mantle flow models of dynamic topography.
Introduction
The Mid-Pliocene warm period (MPWP), historically defined as the interval between ∼3.3 and 2.9 Ma, is widely considered to be an example of a past climate state in equilibrium with ∼400 ppmv atmospheric CO 2 levels (Pagani et al., 2009, compare to ∼400 ppmv value as of May 2013; see Fig. S1 , Supplementary Materials, for a synopsis). For this reason, this interval of time is an attractive target for climate model validation studies that compare model predictions with climate proxy reconstructions. However, for one key climate variable, polar ice volume in the Pliocene relative to today, little consensus exists in the literature. An accurate estimate of peak eustatic sea level (ESL) at this time would provide insight into both the stability of Greenland and Antarctic ice sheets in a slightly warmer climate and help resolve discrepancies between ice sheet model predictions and data (e.g., Pollard and DeConto, 2009) . (In this paper we define ESL change as the geographically uniform change in sea level that would be equal to the volume of meltwater flux into or out of the ocean.) Despite the general agreement on other climatic variables (such as sea-surface temperature), sea-level estimates for the MPWP vary widely, in part because signals associated with glacial isostatic adjustment (GIA) and dynamic topography (that is, topography supported by convectively-induced viscous stresses in the mantle and associated buoyancy variations in the lithosphere, henceforth "DT") have only recently been taken into account (Raymo et al., 2011; Rowley et al., 2013) .
Along several passive margins, Mid-to late-Pliocene shallow water deposits are sometimes found tens of kilometers inland from the present-day shoreline, often at the base of distinctive scarps (Dowsett and Cronin, 1990; James et al., 2006) . These scarps were carved, by the relentless erosive action of the sea over the course of dozens of orbitally-paced SL highstands that occurred between the late Miocene and late Pliocene (e.g., Lisiecki and Raymo, 2005) . Further, the benthic oxygen isotope record (Lisiecki and Raymo, 2005) suggests that these highstands all peaked approximately the same eustatic value (see Fig. S1 , Supplementary Materials, for details). As the ocean eroded steadily inland carving the paleo-sea cliffs, broad coastal terraces also evolved -these coastal plains are now observed to be mantled with younger Pliocene and Pleistocene sediments. At the break in slope, also called the toe, or 'inner margin,' of the scarp, shallow marine deposits date to the late Pliocene, a time correlative with the onset of global cooling associated with the intensification of northern hemisphere glaciation. Table 1 and Supplementary Material). The black dotted line connects all the paleo SLs obtained in one area. The gray band represents the standard deviation of paleo SL points. The blue and red dashed lines represent the position of the paleo SL after GIA correction based on the LM (blue) and VM2 (red) viscosity models. In frame (b) the white lines on the map represent the main faults identified on the Nullabor and Roe Plains (Clark et al., 2012) . In frame (c) the numbers 1-4 represent locations where the Duplin Formation has been sampled (corresponding to sites 1-4 of Dowsett and Cronin, 1990 ) while numbers 5-7 are locations of the Raysor Formation identified by Huddlestun (1988) . Sr isotopic ratios yielded ages of 2.88-3.57 Ma for site 3 (McGregor et al., 2011) , and of 2.3-2.8 Ma for site 4 (Graybill et al., 2009) . Dashed areas in (b) and (c) represent the mapped extension of the Roe Calcarenite (James et al., 2006) as well as the Duplin Formation (SC) and Duplin-Yorktown Formation (Dicken et al., 2007) . All distances in lower plots are calculated as linear distance from the beginning of the lines representing the scarp on the map. The projection used for the three maps is geographic coordinate system, WGS 84. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)
We interpret the slope break as indicative of the former level of the sea just prior to the long-term global cooling trend that began at ∼2.9 Ma (see Supplementary Materials for details).
Using digital elevation models (DEMs) and field surveys, we measured the elevation of the slope break of three such scarps, as well as associated SL markers, across hundreds of kilometers in the southern Republic of South Africa, southern Western Australia, and southeastern United States (Fig. 1a, b, c and Table 1 ). Then, as described herein, we accounted for depositional effects due to GIA using a large set of numerical modeling results.
We then combine GIA-corrected scarp elevations with different eustatic sea-level scenarios to calculate a set of field-based DT predictions for each area, and compare these with previously published DT models. Our ultimate aim is to provide a robust dataset (attached as Supplementary Material) against which future DT model predictions in these three areas can be tested. Fig. 1 ), located near the base of the scarp, measurement error (GPS vertical error), elevation of the scarp base measured near the site and calculation of the paleo SL elevation as represented in Fig. 1 Dowsett and Cronin, 1990) . Description of facies and fossil content for South African and South Australia sites is by the authors of this study.
Observed sea-level markers
The De Hoop coastal plain in the Republic of South Africa (Fig. 1a ) has a mean elevation of ∼20 m above modern SL and is delimited inland by a steep inflection of slope (an eroded paleosea cliff), abruptly rising to elevations over +100 m. Among the units outcropping on the plain, the De Hoopvlei Formation was deposited in a shallow water environment (from intertidal to shallow subtidal, indicating a depth of 0-10 m) during the Pliocene (Malan, 1991) . Preliminary strontium isotope stratigraphy analysis of an oyster shell from this formation (at site ZBR1) returned an age of 3.56 ± 1.08 Ma, confirming biostratigraphic age estimates.
In southern Western Australia, the Roe Plain is a sub-horizontal terrace located on the southern continental margin, at the head of the Great Australian Bight (Fig. 1b) . The 8800 km 2 plain is bordered on its northern margin by the Hampton Escarpment, an 80-100 m high paleo-sea cliff that has eroded into early Tertiary marine formations (Lowry, 1970) . The Roe Plain is largely an abrasion platform, carved into Cenozoic limestone and thinly-veneered with the Roe Calcarenite, a Pliocene to early Pleistocene shallow subtidal marine assemblage (James and Bone, 2007) . In the field, we sampled the Roe Calcarenite near the base of the Hampton Escarpment at multiple locations (Table 1) . The third study area, on the southeastern coastal plain of the US (Fig. 1c) , stretches from Georgia (GA) to South Carolina (SC) and North Carolina (NC). Here, numerous studies dating back a half century (Richards, 1963) have identified an almost continuous scarp (Orangeburg Scarp, Ator et al., 2005; Cronin et al., 1984; Huddlestun, 1988; Winker and Howard, 1977) extending from Georgia to Virginia that is interpreted as the geomorphic imprint of the maximum middle-late Pliocene SL ingression (Huddlestun, 1988; Winker and Howard, 1977) . In NC and SC the scarp is associated with the Duplin Formation, representing a warm, shallow, normal marine, inner to middle-shelf facies of Mid-Pliocene age (Parnell and Visaggi, 2011) , while in northern GA coeval deposits have been associated with the Raysor Formation (Huddlestun, 1988) , representing a slightly deeper marine environment than the Duplin (Markewich et al., 1992; Ward et al., 1991) . In the field, we measured the elevation of the scarp's base (in most cases coinciding with the inner margin of the Duplin or Raysor Formations, Fig. 1c ) with high-accuracy GPS over hundreds of kilometers. The base of the escarpment is particularly well defined at four locations (Fig. 1c) . While outcrops of the Duplin and Raysor Formations (Fig. 1c) yield a minimum elevation of the MPWP SL highstand, the toe of the scarp itself is a more accurate paleo SL indicator, representing the position of the former SL to within a few meters (Table 1) . At several locations along the scarp, the sandy shoreline facies of the MPWP can be observed lapping landward onto the reddish clayey deposits of Miocene and older ages.
The creation of all three scarps, which collectively traverse more than 1100 km, is consistent with the well-documented process of marine terrace formation during a protracted period of sea-level highstand(s) (e.g. Trenhaile, 2002) . The inner angle of the continental-scale scarps is an excellent paleoshoreline indicator. The base of each of these scarps is also associated with Pliocene shallow marine sediments. Of note is that all three paleoshorelines are no longer sub-horizontal; rather, they have all experienced differential uplift and regional deformation. For example, the Orangeburg Scarp is tilted in an N-S direction such that its elevation relative to present sea-level increases from ∼35 m in GA to ∼80 m in NC (Fig. 1c) . The Roe Plain has a presentday topography that is ∼15 m higher in its central part relative to its edges (Fig. 1b) . Finally, the entire De Hoop Plain is currently ∼25 m above present sea level, and it is characterized by relatively small topographic gradients: elevation differences along the scarp are less than ∼5 m (Fig. 1a) . Clearly, significant post-depositional processes must have uniquely impacted the elevation of the US and AU geomorphic features, and possibly the South African scarp as well. Below we discuss these processes and provide constraints on the magnitude of their effects.
Post-depositional effects
Glacial isostatic adjustment (GIA) in response to changes in ice volume from the MPWP to present-day has led to global scale perturbations in sea level (Raymo et al., 2011) . As demonstrated by Raymo et al. (2011) (see their Figs. 2 and 3), this perturbation can be decomposed into two contributions: (1) a residual deflection in sea level associated with incomplete (gravitational, deformational and rotational) adjustment to the late Pleistocene glacial cycles; and (2) a quasi-uniform drop in sea level associated with an increase in ice volumes at the end of the MPWP and isostatic adjustments over the subsequent 3 Ma. In the discussion below, we will use the term GIA to refer to the first of these corrections and eustatic sea level (ESL) to refer to the second.
The sea-level signal associated with GIA can be corrected for using numerical simulations. Raymo et al. (2011) provided two such simulations distinguished on the basis of the radial profile of mantle viscosity adopted in the modeling. Viscosity model VM2 (Peltier, 2004 ) is characterized by a relatively moderate increase in viscosity from the base of the lithosphere to the coremantle-boundary, while the profile LM (Lambeck et al., 1998; Mitrovica and Forte, 2004) has an order of magnitude increase in viscosity across this depth range. In each frame of Fig. 1 we show three profiles along the base of the scarp: the paleo-sea level elevation obtained by survey and DEM data (black line, see Table 1 and Supplementary Materials for details) and the elevation after GIA corrections based on the VM2 (red line) and LM (blue line) viscosity models.
Both the De Hoop coastal plain and the Roe Plain are in the far-field of the late Pleistocene ice sheets, and they are experiencing an ongoing sea-level fall due to the combined effects of ocean syphoning (i.e. a GIA-induced sea-level fall associated with the migration of water toward subsiding bulges at the periphery of ancient ice cover) and continental levering (Mitrovica and Milne, 2002) . Accordingly, the observed scarp elevations in these two regions are corrected upwards when the residual GIA signal is removed. The amplitude of the correction is relatively small, ∼2 m for the VM2 simulation and ∼5 m for the LM simulation, and nearly constant along the two profiles (Fig. 1a, b ). In contrast to these locations, the US East Coast is on the subsiding peripheral bulge of the last glacial Laurentide ice complex, and a correction for the residual sea-level rise associated with GIA lowers the observed elevation (Fig. 1c) . In this case, the amplitude of the correction is a strong function of the adopted viscosity profile.
This correction is ∼15 m for the LM simulation and it varies from 0-5 m for the VM2 model run. The main conclusion from these results is that GIA cannot explain the observed geographic trends in the topography of the three scarps.
Considering only the VM2 and LM models does not provide a rigorous estimate of the uncertainty in the GIA contributions to the profiles in Fig. 1 . To quantify this uncertainty we have repeated our GIA simulations using a suite of Earth models distinguished on the basis of the elastic lithospheric thickness (LT) and the (assumed constant) viscosities of the upper (ν um ) and lower (ν lm ) mantle, where the boundary between the latter two regions is taken to be 670 km depth. In Fig. 2a we show GIA predictions along the three profiles in Fig. 1 Fig. 1 , the predictions for the De Hoop and Roe Plain profiles are characterized by a relatively moderate sensitivity to the adopted Earth model. Specifically, the GIA predictions in these regions vary by ∼5 m over the full suite of simulations. In contrast, the sensitivity is much higher along the southeastern coast of the US, where GIA predictions vary over a range of ∼30 m (see also Raymo et al., 2011) . It is noteworthy that the VM2 viscosity model, which is close to the lower bound used in this sensitivity study, and also the lower bound of values cited in the literature, yields corrections of ∼1-2 m or less for all three profiles. In contrast, the profile LM yields GIA predictions near the mean value of the full suite of calculations.
Next, we turn to the signal in the present-day elevation of the scarps associated with the increase in ice volumes at the close of the MPWP, i.e., ESL as defined above. As discussed by Raymo et al. (2011) , this signal would have relaxed, nearly everywhere, to close to a eustatic signal in the 3 Ma subsequent to the base change in sea level. However, minor departures from a globally uniform signal arise because the Earth has an elastic lithosphere, which prevents perfect isostatic adjustment in response to the loading of polar regions, and unloading of the ocean, as ice sheet mass increased on Greenland and West Antarctica at the end of the MPWP. This departure can be large (tens of meters) close to the polar ice sheets but smaller (only a few meters) at far-field coastal sites (see Figs. 2b and 3b in Raymo et al., 2011) .
There is a second, subtler effect that also contributes to the present-day signal associated with the change in ice volume at the end of the MPWP. At 3 Ma, the crust under the West Antarctica would have had a significantly higher elevation than the presentday bedrock elevation since the latter is depressed by the current WAIS.
Thus, a prediction of sea-level change since 3 Ma requires knowledge of the topography field local to the ice sheets at the onset of the loading. While this topography is initially unknown, it can be computed by iteratively improving a first guess to the topography until the full 3 Myr time history of sea-level changes leads to a present-day topography field (e.g., under the WAIS) that matches the observed (Raymo et al., 2011 ). An important implication of this issue is that the predicted initial topography -in particular within the marine-settings that became covered with ice at the end of the MPWP -is dependent on the adopted GIA model. Therefore, the amount of water displaced by the growth of marinebased ice, which will impact the predicted sea-level change, will be dependent on the GIA model.
As an illustration of these two effects (elastic lithosphere, West Antarctica bedrock elevation), we have computed, using both the VM2 and LM Earth models, the present-day perturbation in the elevation of the three scarp profiles associated with the specific scenario of ice sheet growth at the end of the MPWP considered by Raymo et al. (2011) (Fig. 2b) . Their scenario assumed glaciation of both the West Antarctic and Greenland Ice Sheets, both initially ice free, at the end of the MPWP. We find that the predicted signal along the three scarps ranges around 11-12 m (Fig. 2b) . While there is a geographic variability in the signals, as well as a dependence on the adopted Earth model, these are both relatively small. This justifies our use of the term "eustatic sea level" (ESL) in describing the present-day signal associated with ice sheet growth at the end of the MPWP.
Finally, we turn to the potential contamination of the presentday scarp elevations by the so-called dynamic topography (Mitrovica et al., 1989; Gurnis, 1990; Moucha and Forte, 2011) . All three coastal plains are on "passive" continental margins and they are, therefore, not subject to significant plate boundary processes. However, over the last decade there has been growing appreciation that convection in the Earth's mantle, the underlying driving force for plate tectonics, can produce significant vertical deflections of the crust at all locations on the Earth's surface (Moucha and Forte, 2011; Moucha et al., 2008; Müller et al., 2008; Conrad and Husson, 2009; Rowley et al., 2013) and thus, on time scales relevant to our study, no such thing as a passive margin may exist (Moucha et al., 2008) . These deflections, whether they occur in the interior or at boundaries of plates, are termed dynamic topography (Mitrovica et al., 1989) . Unfortunately, numerical predictions of dynamic topography by independent groups show significant discrepancies in amplitude and, in some regions, disagreement in sign (i.e. subsidence vs uplift). As an example of note to the present study, backward convection simulations by Rowley and colleagues (Rowley et al., 2013) predict uplift (and sea-level fall) along the US East Coast over the last 3 Ma driven by upwelling flow beneath this region. In contrast, Müller et al. (2008) predict subsidence of the crust (and sea-level rise) in response to the descent of an ancient slab that is now located at mid-mantle depths below the US East Coast. In a general sense, disagreement between the various groups active in DT modeling arises from varying assumptions with regards to mantle viscosity, density heterogeneity (i.e., buoyancy), and the treatment of coupling between mantle convective flow and plate motions. The relative accuracy of the published predictions can be assessed, at least in a regional sense, MPWP SL equal to modern, an unlikely scenario given the widespread geologic evidence for higher global temperatures (2-3 • C higher than modern), a forested high Arctic (Tedford and Harington, 2003) , higher atmospheric CO 2 concentrations (Fedorov et al., 2013) , and ice sheet modeling results (Pollard and DeConto, 2009 ).
14 GIS and WAIS deglaciated. No EAIS melting relative to present-day volume. This is hypothetical scenario assumed in the recent ice model/isostasy simulations of Raymo et al., 2011. 22 GIS and WAIS deglaciated, plus ∼8 m eustatic sea-level equivalent ice loss from EAIS. This scenario is based on the Miller et al., 2012 study which proposed that it is likely (68% confidence interval) that MPWP peak sea level was 22 ± 5 m above modern.
30
GIS and WAIS deglaciated and large portions (∼30%) of the EAIS melted. This scenario approaches some of the highest geological estimates of Pliocene sea level (Dowsett and Cronin, 1990) .
by comparing the predicted geographic variability in the DT with the geological record (Rowley et al., 2013) . Given the current uncertainty in the DT signal, our philosophy in the next section will be to use the bounds on the GIA signal shown in Fig. 2a to correct the observed scarp elevations for GIA, with an appropriate propagation of uncertainties, thus allowing us to infer DT rates for our sites starting from observed sea-level markers. Also, since the eustatic sea-level correction to the observed scarp elevations is unknown, we consider three scenarios that have been discussed in the literature (Table 2) as well as an additional (ESL = 0) scenario. These various corrections, applied to the profiles in Fig. 1 , yield estimates for DT that represent physical targets for, and set observational limits on, future efforts to constrain DT using geophysical models of mantle flow.
Estimating dynamic topography
In this section we estimate the post-MPWP rate of change of DT using the following formula:
In this formula, observed sea level (OSL) corresponds to the elevation of the paleo SL obtained from the present-day elevation of the ancient SL marker measured in the field or in DEMs (i.e. elevation at the toe of the scarp). This value has an uncertainty related to both the relationship of the geological marker to actual paleo SL and to measurement errors in the determination of the elevation (see Supplementary Material for details). GIA refers to the correction for glacial isostatic adjustment. In this regard, we adopt the average of the 36 model runs shown in Fig. 2a , with an uncertainty given by the standard deviation of these simulations. The ESL for the MPWP remains poorly constrained, and we thus adopt four different scenarios summarized in Table 2 . For each scenario, we computed the present-day perturbation in the elevation of the three scarp profiles using both the VM2 and LM models (e.g., Fig. 2b for the 14 m scenario) . The ESL correction appearing in Eq. (1) is the average of the LM and VM2 model outputs and their difference is used as a measure of the uncertainty in the ESL correction for each scenario. Our derived estimates of the DT rate along the three profiles based on Eq. (1) are shown in Fig. 3 .
Independent of the adopted ESL scenario, De Hoop is the only site that does not show significant variations in the estimated DT rate along the surveyed profile. Numerical models of DT in this region are discrepant (Conrad and Gurnis, 2003; Moucha et al., 2008 ; Spasojević and Gurnis, 2012), but they are thus suggestive of relative tectonic stability. This conclusion is supported by cosmogenic ( 10 Be, 26 Al) burial dating of the Pliocene and Pleistocene age Sunday River terraces on the southern coastal plain of South Africa, located at the eastern edge of the De Hoop profile (Erlanger, 2010) . This analysis has been used (Roberts et al., 2012) to infer an uplift rate since 4 Ma of 6 ± 3 m Ma In contrast, the DT trends for the Roe Plain (Fig. 3b ) show significant departures from uniform uplift (Fig. 3b) . Moreover, depending on the ESL scenario adopted, the estimates suggest that uplift, subsidence, or a combination of both could have occurred along the profile. Sandiford (2007) (based on the elevation of the early and middle Miocene shorelines of the Nullarbor Plain) inferred that the southern margin of Australia underwent DT-driven uplift at a rate of 10-15 m Ma −1 during the time window 15-5 Ma. This rate is above the upper bound of the values in Fig. 3b , suggesting that either: (1) the estimate in Sandiford (2007) is too high; (2) uplift rates decreased substantially after 5 Ma; or (3) Pliocene ESL highstands were ∼0 m, the same as today. In contrast, other modeling studies have suggested that the southern part of the Australian continent has undergone subsidence since 60-70 Ma (Heine et al., 2010; Spasojević and Gurnis, 2012 ) at a rate of 3 m Ma −1 , and argue that this rate has not changed markedly since 15 Ma. This value lies at the lowest end of DT predictions calculated in this study, specifically those based on the ESL = 30 m scenario.
It is worth noting that in the center of the Nullabor Plain, the large area north of the Roe Plain where Miocene near-shore deposits outcrop, uplift rates of ∼1-3 m Ma −1 have been associated with a fault system, with the upthrown block on the west (Clark et al., 2012) , that extends into the central part of the Roe Plain (near Madura, or site RMA1 on Fig. 1 ). The presence of this fault system is consistent with DT-induced crustal uplift in this central region, and thus may also serve as a constraint on the scenarios in Fig. 3b .
Finally, along the southeast coast of the US, our estimated DT rates show a significant north-south trend with rates that average, depending on the ESL scenario, from −2 to +8 m Ma −1 in GA and 14 to 24 m Ma −1 in NC (Fig. 3c) . The rates calculated for the SC-NC border (13 to 23 m Ma −1 , ∼500 km from the origin in Fig. 3c ) are in accord with the upper end of the estimate given by Soller (1988) (4.6 to 21.3 m Ma −1 ) on the basis of Pliocene and Pleistocene river terraces linked to marine shorelines in the Cape Fear Arch (southeastern NC). Our average estimates of DT all are consistent with numerical simulations (Moucha et al., 2008; Rowley et al., 2013) which predict a broad zone of uplift (and sea-level fall) along the US East Coast since 3 Ma, but inconsistent with other simulations (Müller et al., 2008 ) that predict subsidence along this entire coast over this time period.
Final remarks
Our GIA-corrected elevations of geological SL markers dated to 3 Ma indicate that DT has likely produced tens of meters of vertical displacement since these shorelines formed. However, while "there is no such thing as a stable continental platform" (Moucha et al., 2008) over this time period, our analysis suggests some regions have been significantly more stable than others since the Mid-Pliocene.
The southern tip of the African continent serves as one example of such a tectonically stable region and it has the added benefit of being relatively insensitive to uncertainties in the correction for GIA. We conclude that it may be a key area for obtaining reliable estimates of ESL (and ice volumes) at the end of the MidPliocene warm period. In this region, more field observations of Mid-Pliocene sea levels are necessary to allow for a comparison with DT models at a broader spatial scale. Independent observations of Pleistocene sea levels (e.g. MIS 5, MIS 11, MIS 31, for which eustatic sea level is better constrained) would help in establishing a long-term crustal uplift curve.
Data from the Roe Plain may also provide reliable estimates of ancient ice volumes, however more comprehensive constraints on faulting in the region, and its relationship to adjacent areas of the plain and to older shorelines along the Nullarbor plain, are needed.
Along the southeast coast of the US, our data suggest that DT has caused ∼55 m of N-S tilting of Pliocene shorelines. The area is also subject to significant sea-level changes due to GIA. A collaborative effort between mantle dynamicists, glacial modelers and the geologists working on ancient sea-level records is needed to generate robust estimates of ESL at the end of the MPWP based on SL markers from this region. It is also worth noting that the tilting evident in (GIA-corrected) results in Fig. 3c , if it is assumed to be constant since 3 Ma, should also be discernable in the elevation of GIA-corrected shorelines dated to the last interglacial (MIS 5e), provided that sufficiently accurate sea-level markers are preserved and that suitably precise geodetic measurements of elevation and GIA corrections (Potter and Lambeck, 2003; Raymo et al., 2011) are adopted. As an example, an MIS 5e shoreline at the northern edge of our transect would have been displaced by 1.7 to 3 m by DT since 125 ka, while the same shoreline in Georgia would have been displaced −0.25 to 1 m as a result of DT. Thus, DT can, in some regions, contribute significantly to the post-depositional uplift or subsidence of observed late Pleistocene sea levels. Finally, the power of the approach outlined here is that only one ESL scenario can ultimately be correct. If a presumed eustatic sea-level history is derived at one location, a consistent relationship to observed geologic field evidence and dynamic topography models should, with enough data, emerge globally. From the data discussed above we might infer that a Pliocene ESL <20 m is the most consistent with data. However, a concerted effort to merge a larger body of geologic field data with ever more sophisticated mantle dynamic models will ultimately provide a robust estimate of polar ice sheet stability in the slightly warmer MPWP world.
